This study estimated the turbulent kinetic energy dissipation rates (TKEDRs) from 1-year observations of the Program of the Antarctic Syowa Mesosphere-Stratosphere-Troposphere/Incoherent Scatter radar (PANSY radar) from October 2015 to September 2016 and compared the results with estimates from radiosonde measurements based on Thorpe's method. The radar-based estimates showed that the TKEDR at Syowa Station was on the order of 10 −5 -10 −3 m 2 /s 3 in the altitude range of 1.5-19 km. Taking the proportional constant for Thorpe's method (the ratio of the Thorpe scale to Ozmidov scale) as unity, the radiosonde-based measurements show values of TKEDR larger than radar-based estimates by a factor of 2-5. The difference in the TKEDR between radiosonde-and radar-based estimates is larger in the middle and upper troposphere than in the stratosphere. According to previous observational and numerical studies, Thorpe's method tends to overestimate the TKEDR for deep overturning layers. It is confirmed that the depth of the overturning layer is negatively correlated with the difference between radiosonde-and radar-based estimates. The seasonal variation was also examined. An analysis using the distance from the local tropopause level showed that the local maximum in the TKEDR around the tropopause is particularly clear in austral summer. This is likely connected to the seasonality in the gravity wave activity in the Antarctic stratosphere.
Introduction
The previous observational studies tried to estimate the turbulent kinetic energy dissipation rate (TKEDR, ε) in the free atmosphere, which is the rate of loss of the TKE due to turbulent dissipation per unit mass (Batchelor, 1953) . In the spectral space, the dissipation rate is calculated by integration across the wave number space of the kinetic energy loss rate due to molecular viscosity per unit mass:
where ν is the kinematic molecular viscosity, k is the wave number, and E(k) is the spectral density of velocity fluctuations. Under Kolmogorov's locality hypothesis, in isotropic, homogeneous turbulence, the ε is equal to the spectral energy flux or the cascade rate within the inertia subrange. The kinetic energy reduction by turbulent dissipation is ultimately converted into internal heating, which can have a significant effect on the heat budget, particularly in the mesosphere and lower thermosphere (e.g., Becker, 2012) . The ε is related to the vertical eddy diffusivity (or turbulent diffusivity) K zz under the assumption of equilibrium among energy generation due to the Reynolds stress, energy loss due to buoyancy flux, and molecular dissipation in a stably stratified flow (Fukao et al., 1994) :
where γ is the mixing coefficient and N is the buoyancy frequency. The mixing efficiency is considered to depend on the turbulence generation and the degree of supersaturation of the waves (McIntyre, 1989) . High-resolution estimates from radar indicated that the range of γ is from 0.06 to 0.3 in the upper troposphere and lower stratosphere (Dole et al., 2001) . A recent observational study suggests that the mixing coefficient is around 0.16-0.2 in both the atmosphere and ocean (Kantha & Luce, 2018) . ©2019 . The Authors.
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Previous studies examining the mean stratospheric age of air (AoA, Dietmüller et al., 2017; Ploeger et al., 2015) showed that on the order of 10% of the mean AoA is attributable to subgrid-scale mixing (diffusion), although its impact is minor compared to the residual mean circulation and mixing by resolved-scale motions. Recently, Dietmüller et al. (2018) quantified the impact of mixing on the stratospheric mean AoA using chemistry-climate model intercomparison (CCMVal-2 and CCMI-1) and pointed out that differences in subgrid-scale mixing likely explained the spread in the AoA between the models.
Estimates of turbulent parameters in the free atmosphere have been obtained from very high frequency (VHF) clear-air Doppler radar measurements based on the received power and width of the Doppler spectrum with a high height-time resolution. Two methods for estimating ε are commonly used: the spectral method and the power method (Hocking, 2011; Wilson, 2004) . The former has been widely used since the 1980s (Hocking, 1983; Sato & Woodman, 1982) and is based on the fact that the spectral width of backscattering echoes is related to the turbulent velocity variance. The latter relates the radar reflectivity with the structure constant of the refractive index. For the power method, an absolute calibration of the radar and the fraction of the radar volume filled with turbulence are necessary, while the spectral method does not require this. Delage et al. (1997) compared ε obtained from these two methods and showed good agreement for turbulent layers thinner than 600 m. The estimates from VHF radars of the turbulent parameters including ε and eddy diffusivity were reviewed by Hocking (1999) , Wilson (2004) , and Hocking (2011) .
Several previous studies obtained the temporal variation and climatology of ε and turbulent diffusivity using the spectral width method in the middle latitudes (Hocking, 1988; Nastrom & Eaton, 1997 Sato et al., 1995) , the tropics (Rao et al., 2001) and the northern high latitudes (Li et al., 2016) . Eaton (1997, 2005) pointed out that the frequency distribution of ε at a given height is approximately lognormal. Nastrom and Eaton (1997) showed vertical profiles of ε as a function of both distance above the surface and distance relative to the tropopause. It was revealed that ε at the White Sand Missile Range (32°N, 106°W) is maximized at the lowest observed altitude and minimized below the tropopause. Li et al. (2016) examined 1-year observations by the Middle Atmosphere Alomar Radar System radar at Andoya, Norway (69.03°N, 16.04°E) and showed that ε generally increases with height in the troposphere and through the lower stratosphere.
Instruments with a high time-vertical resolution have been used for estimating the turbulent parameters. Alisse and Sidi (2000) , Luce et al. (2002) , and Gavrilov et al. (2005) performed balloon-borne radiosonde observations with a vertical resolution of 10 cm and calculated the Thorpe length scale, L T , that is indicative of the local overturning scale (Thorpe, 1977) . This Thorpe analysis is characterized by rearrangement of the measured density or potential temperature profile into a monotonic profile. The Thorpe displacement is defined as the vertical displacement of a parcel from the measured to sorted profiles, and the Thorpe scale of an overturning layer is calculated as the root-mean-square of the Thorpe displacement for the layer. The Thorpe analysis was originally developed for estimation of the oceanic turbulent parameters using measurements of density profiles from conductivity-temperature-depth casts. Based on accumulated oceanic turbulence observations, the Thorpe scale is thought to be related to the Ozmidov scale, L O , by a proportional constant in a stably stratified flow (e.g., Dillon, 1982) :
Since the Ozmidov scale is defined as (ε/N 3 ) 0.5 , the Thorpe scale can be used for estimation of the turbulent kinetic energy dissipation rates (TKEDRs): Alisse and Sidi (2000) showed that turbulent layers have significantly larger L T (~9 m) than calm layers (~1 m). In contrast to previous studies based on measurements with a vertical resolution of tens of centimeters, Clayson and Kantha (2008) applied the Thorpe analysis to raw pressure-temperature-humidity (PTU) data from operational radiosonde observations with a moderately high vertical resolution (~several meters) to derive the turbulent parameters. Wilson et al. (2010) proposed a procedure for the selection of statistically significant overturn structures from temperature profiles with instrumental noises. Wilson et al. (2011) showed that the turbulence patches on the largest scales could be detected by the 10-m-resolution radiosonde measurements. Following Clayson and Kantha (2008) and Wilson et al. (2010 Wilson et al. ( , 2011 , Thorpe analysis-based estimates using radiosonde observations have been reported by several studies. For example, Bellenger et al. (2017) showed the climatology of eddy diffusivity and overturning size in the troposphere over the Indian Ocean based on about 3,500 radiosonde observations. Because of recent improvements in the resolution of radiosonde measurements, which typically have a vertical resolution of~5 m (Love & Geller, 2012) , the Thorpe analysis can now be applied to the present global network of radiosonde measurements. Applying the Thorpe analysis to a global network of radiosonde measurements may provide information on the spatiotemporal variability of the turbulent parameters in the troposphere and stratosphere (Kantha & Hocking, 2011) , which is not currently known, although several studies tried to derive structure functions over a wide spatial coverage using rawinsondes (e.g., Frehlich & Sharman, 2010) .
In order to diagnose the energy dissipation rates using the Thorpe scale, we have to determine the proportional coefficient c in equation (1), which is the ratio of the Thorpe scale to the Ozmidov scale. It is known that the ratio, however, has a large uncertainty (0.25-4), which leads to the uncertainty of ε with 2 orders of magnitude. Schneider et al. (2015) derived vertical profiles of ε with a balloon-borne anemometer at a sampling rate of 8 kHz and compared them with estimates from the Thorpe analysis. They showed that the proportional coefficient had quite a broad range, whereas the most probable value of (L O /L T ) 2 is 0.1. Moreover, previous observational and modeling studies reported the time dependence of the ratio (e.g., Mater et al., 2015; Smyth et al., 2001) . Smyth et al. (2001) used direct numerical simulation (DNS) to show that the ratio increases monotonically with time as the Kelvin-Helmholtz billow collapses. The results of DNS obtained by Fritts et al. (2016) indicate that L T , L O , and their ratio are highly variable, depending not only on the stage of the turbulence but also on the source of the turbulence, including Kelvin-Helmholtz instability and gravity wave breaking.
Recently, Scotti (2015) discussed whether the Thorpe scale is equivalent to the displacement length scale for turbulent flow using an energetic framework formulated by Scotti and White (2014) . Decomposing the available potential energy (APE) and other quantities into the mean and turbulent components, they showed that the Thorpe scale generally includes not only the turbulent displacement length scale but also a contribution from the mean APE. They also performed DNS experiments to examine two extreme turbulent regimes. One is the turbulent flow driven by the kinetic energy of the mean flow, which does not include any APE of the mean flow in the initial conditions (namely, shear-driven turbulence). The other is the convective-driven turbulence, which is driven by the APE of the mean flow. Scotti (2015) indicated that the Thorpe method gives good estimates of the dissipation in the shear-driven turbulence, while for the convective-driven case, the Thorpe-analysis-based estimates are much larger than the true dissipation. Mater et al. (2015) also found a significant positive bias in the Thorpe scale-based dissipation for the oceanic turbulence in the Luzon Strait, where deep overturn is often observed.
Several previous studies compared radar-based estimates to the Thorpe analysis using radiosonde observations. Kantha and Hocking (2011) and Li et al. (2016) compared the ε estimated from the Thorpe analysis with those from the Harrow VHF radar (42.04°N, 82.89°W) and the Middle Atmosphere Alomar Radar System radar, respectively. Note that both studies used unity as the proportional constant in equation (1). They reported reasonable agreement between the statistics, including the median values and frequency distribution, obtained by the radiosondes and the VHF radars, although a one-to-one correspondence is not always observed. Both of the previous studies, however, made use of measurements from nine radiosondes at most. Considering the highly intermittent nature of the turbulence, a larger number of simultaneous observations from radiosondes and radars are desirable for verifying the validity of the Thorpe analysis in the free atmosphere.
In this study, the TKEDRs are estimated from the 1-year observations of the Program of the Antarctic Syowa Mesosphere-Stratosphere-Troposphere/Incoherent Scatter radar (PANSY radar; Sato et al., 2014) at Syowa Station (69.00°S, 39.35°E) and compared with estimates from operational radiosonde observations. Radiosonde measurements were routinely performed twice a day at Syowa Station. The present study utilized hundreds of radiosonde profiles simultaneously with the radar measurements. The altitude dependence and seasonality of ε are also investigated. This is the first report on the turbulent parameters in the troposphere and lower stratosphere in the Antarctic to our knowledge. It should be noted that the seasonal variation of the tropopause structure including the tropopause inversion layer (TIL) over the Antarctic is quite different compared to other latitudes (Tomikawa et al., 2009 ).
This study is organized as follows. A description of the data used is given in section 2. The methods for radar-based and radiosonde-based estimation are summarized in section 3. Annual mean vertical profiles and the seasonal variation of ε rates are given in section 4. A comparison with previous estimates at other latitudes based on a vertical coordinate defined as the distance relative to the tropopause is presented in section 5, along with a discussion on the discrepancy between the two kinds of estimates. The summary and concluding remarks are given in section 6.
Data

PANSY Radar at Syowa Station
The PANSY radar is the first Mesosphere-Stratosphere-Troposphere/ Incoherent Scatter radar in the Antarctic region. Continuous observations have been made by the PANSY radar through a partial system since 30 April 2012. After two campaign measurements with a full system (16-24 March 2015 and 5 April-16 May 2015; e.g., Minamihara et al., 2016) , the radar has been in continuous full-system operation since late September 2015. We used 1-year observation data from the radar for October 2015 to September 2016, during which time the radar performed observations almost continuously. Because the radar was designed to be energy efficient, the data were obtained with almost no interruption over the whole year despite the limited power availability in the Antarctic. The time resolution of the data was~90 s, although the observation time intervals were~200 s because of interleaving observations for the mesosphere. The analyses were made in the height range from 1.5 to 24 km. The vertical resolution was 150 m along the beam direction. We used measurements by four oblique (northward, eastward, southward, and westward) beams with a zenith angle of 10°because specular reflection rather than isotropic scattering due to isotropic turbulence affects the spectrum for the vertical beam (e.g., Fukao et al., 1994; Tsuda et al., 1986) . Kantha et al. (2017) suggest that the advantage of using the vertical beam for estimating velocity variance is that there is no need for shear broadening correction. Nevertheless, we used the oblique beams because the analyzed height region includes tropopause region, which is characterized by the sharp gradient of static stability causing the specular reflection (e.g., Birner, 2006) . Note that the aspect sensitivity of the radar is quite small outside of the tropopause region (e.g., Sato et al., 2014) , and thus, the applicability of measurements by the vertical beam for estimating turbulent parameters will be investigated in future studies.
Note that the two-way beam pattern was not circular due to the irregular antenna distribution (Sato et al., 2014) . We thus extracted the turbulent velocity variance considering the antenna distribution, as will be described later. Details of the PANSY radar are documented in Sato et al. (2014) . The radar parameters are shown in Table 1 .
Radiosondes
We used measurements by Meisei RS-06G soundings, which were performed routinely at Syowa Station. The radiosondes are launched approximately 500 m west of the PANSY radar twice a day (around 23:30 UT and 11:30 UT). The time resolution of the data is 1 s and the ascending rate of the balloons is around 6 m/s. In the process for creating standard PTU outputs for the Meisei RS-06G radiosonde, filtering and smoothing are applied to temperature profiles above 300 hPa in order to reduce erroneous spikes during daytime observations (Meisei Electronics, personal communication, 2017; Shimizu & Hasebe, 2010) . This is also the case for standard products from other commonly used radiosondes (e.g., Dirksen et al., 2014) . The filter for the radiosonde is designed to trace the lower envelope of temperature. Although the filtered profiles are appropriate for operational purposes, they are not suited for detecting overturning layers accompanied by turbulence. For that reason, we reprocessed the raw binary data into temperature data without smoothing and filtering (hereinafter referred to as the reprocessed raw temperature). Previous studies applying the Thorpe analysis method to radiosonde measurements also used the raw PTU data from other radiosondes.
Before applying the Thorpe analysis, the quality of the reprocessed raw temperature data was investigated, since spikes due to instrumental error including the warm wake of the balloon can contaminate temperature profiles. Figure 1 shows the vertical wave number power spectra for temperature in April 2016 for three altitude ranges, namely, 2-4, 12-14, and 22-24 km. The power spectra for profiles at 11:30 and 23:30 UT were calculated separately. Note that sunset is from 12:30 to 14:30 UT and sunrise is from 4:00 to 6:00 UT in April at Syowa Station. The temperature spectra at 11:30 UT resemble those at 23:30 UT for vertical wavelengths of 200-1,000 m for all three altitude ranges. For vertical wavelengths shorter than 100 m, however, the spectra at 11:30 UT are significantly larger than those at 23:30 UT. The difference in the spectral density becomes larger at higher altitudes. For example, the spectral density at altitudes of 22-24 km (Figure 1c the polar night throughout June. It is found that the difference in the spectra between 11:30 and 23:30 UT is insignificant for the displayed wavelength range and height ranges.
These results strongly indicate that the daytime radiosonde temperature observations contain large instrumental errors for wavelengths shorter than~100 m, which covers most of the range of overturn sizes that have been reported in previous studies (e.g., Bellenger et al., 2017; Kantha & Hocking, 2011; Wilson et al., 2011) . Several previous studies (e.g., Luce et al., 2014; Wilson et al., 2018) pointed out the large error in the raw PTU data for the daytime observations that affects the quality of the Thorpe analysis. The cause of the daytime instrumental noise was previously discussed in Shimizu and Hasebe (2010) , Dirksen et al. (2014) , and Kizu et al. (2018) and is outside the scope of the present study. Thus, the present analyses used the reprocessed raw temperature data for the nighttime only. Sunset and sunrise times at Syowa Station for each day and height were obtained from the website of the National Astronomical Observatory of Japan (http://eco.mtk.nao.ac.jp/cgi-bin/ koyomi/koyomix_en.cgi). Taking the duration of the radiosonde ascent from the launching location during measurement into consideration, the measurements in the period from 2 hr after sunset to 2 hr before sunrise were analyzed. Figure 2 shows the monthly variations in the number of available nighttime profiles as a function of altitude. More than 40 profiles are available in May through July. No data are available in November through January.
Miscellaneous Data
The present study used the Japanese 55-year Reanalysis (Kobayashi et al., 2015) to calculate the height of the dynamical tropopause (Hoskins et al., 1985) . In the present study, the dynamical tropopause height is defined as the height with a potential vorticity (PV) of −2 × 10 −6 K·m 2 ·kg −1 ·s −1 . The present study used data on a 1.25°× 1.25°regular latitude-longitude grid, and the PV values at Syowa Station were obtained by linear interpolation.
Methods for Estimating ε
Estimation of ε From Spectral Width of Radar Echo
In the present study, the turbulent parameters were derived from the spectral widths (Hocking, 1983; Sato & Woodman, 1982) . The radar Doppler velocity spectra have a finite spectral width associated with eddies of spatial scales from half of the radar wavelength, λ (~3 m), to the sampled volume thickness (150 m). Other nonturbulent processes, however, also contribute to the spectral broadening, that is, beam-, shear-, and time-broadening effects (Fukao et al., 2014) . Thus, in order to extract the contribution of turbulence, σ turb , we have to subtract other broadening effects from the observed spectral width, σ obs , in Hz, namely,
where σ beam , σ shear , and σ time represent beam, shear, and time broadening, respectively. The use of a simple formula for subtraction of the beam broadening for a symmetric antenna pattern (Hocking, 1985) is questionable with regard to the PANSY radar, which has an irregular antenna pattern, as mentioned before.
Taking the antenna distribution and wind speed direction into consideration, we subtracted the beambroadening component with a deconvolution operation for the measured spectra. The spectral width is estimated using a Gaussian fitting from the spectra from which the beam-broadening component is subtracted.
The broadening due to vertical shear of the horizontal winds, u z , was estimated as |u z |Δr sin ϑ/2, where ϑ and Δr are the zenith angle of the main beam and the range of the gate length, respectively (Fukao et al., 2014) . This study neglected the time-broadening component, which is normally small compared to other 
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The velocity variance due to turbulence in a stably stratified flow is linked to the TKEDRs as follows (Hocking, 1983; Weinstock, 1981) :
where c R was set to 0.45 in the present study, which was derived empirically (Hocking, 1999) . Previous studies typically use a value of 0.45 to 0.5 for c R for the radar estimation (e.g., Hocking, 1999; Wilson, 2004) . Note that several studies pointed out that the velocity variance measured by the radar is related with the transverse one-dimensional spectrum function for the direction radial from the radar (Dehghan & Hocking, 2011; Hocking, 1999) . Hocking et al. (2016) proposed 0.5 ± 0.25 as the appropriate value range of c R , which indicates the uncertainty of 50% in radar estimates. The buoyancy frequency, N S , was calculated as gdlnθ s /dz from the radiosonde observations, where θ s (z) is the monotonically sorted dry potential temperature profile.
Another relation between ε and radar spectral width was derived by Labitt (1979) and White et al. (1999) . Hocking (1996) showed that the formulation by Labitt (1979) should be applied when the largest crossvolume length of the radar scattering volume is less than one half of the buoyancy scale. Because the range resolution is 150 m and the most of the overturning layers have depth less than 300 m and Thorpe scale less than 150 m in the altitude range of 4-20 km (see also section 5.2), the present study uses equation (3) for estimating the ε.
The data for 11:00-13:00 and 23:00-01:00 UT were used in the present study since the radiosondes were launched at around 11:30 and 23:30 UT. The present study used about 25,000 radar profiles in 2016, and the monthly results were based on at least 1,800 observations. The median values of ε were averaged over the four oblique beams. Note that the calculation of median values uses samples having positive and negative ε values. The difference in the median ε between with and without negative values is quite small (<3%), and we confirmed that this does not essentially affect the following results. The estimated ε from the radar observations is hereinafter denoted ε R .
Estimation of ε From Radiosonde Observations
Detection and selection algorithms for overturning layers from radiosonde observations were made following Wilson et al. (2010 Wilson et al. ( , 2011 . First, the data with irregular intervals were resampled to have regular vertical intervals. A sampling interval of 6 m was chosen in the present study since the ascent rate was typically 6 m/s. The measured pressure was smoothed to a monotonically decreasing profile using a least squares cubic spline fit. Wilson et al. (2011) proposed a simple estimation for the instrumental noise variance in temperature, σ 2 T , from the radiosonde profiles. The temperature profiles are divided into segments at a fixed interval (200 m is typically used). The variance is calculated from the first differences of the detrended temperature profile in each segment, which corresponds to twice the noise variance (2σ 2 T ). However, this estimated noise inherently includes not only instrumental noises but also turbulent fluctuations and curvature of the background temperature profile. In the present study, the noise fluctuation was estimated as the first mode of the intrinsic mode functions from the ensemble empirical mode decomposition (Huang & Wu, 2008) . The noise variance is calculated as the square of the fluctuations averaged over a vertical interval of 200 m. Note that the estimated noise level was typically 70% of that from the method by Wilson et al. (2010) . The noise variance in the potential temperature, σ θ , was calculated as σ T (1,000 hPa/p) 2/7 , where p is the pressure in hPa. Wilson et al. (2010) suggested that the optimal width of smoothing and undersampling should be determined such that the bulk trend-to-noise ratio is larger than one. The width of undersampling and smoothing was set to two in the present study, which results in a bulk trend-to-noise ratio greater than two for all profiles. The corresponding vertical resolution of the temperature profiles was 12 m. In order to include the effect of latent heat release due to the condensation process, the potential temperature profiles were reconstructed by replacing the potential temperature with the moist-conservative potential temperature in the cloudy sections (Wilson et al., 2013) .
The obtained potential temperature profiles were sorted to be monotonically increasing. Thorpe displacement is defined as the vertical displacement from the position of the air parcel in the measured profile to that of the same parcel in the sorted profile. The Thorpe scale is the root-mean-square value of the Thorpe displacement in the respective overturning layers.
The selection procedure proposed by Wilson et al. (2011 Wilson et al. ( , 2010 was applied to each overturning layer. Such a procedure is necessary to avoid introducing errors into the artificial overturning layers due to instrumental noise, which was estimated as σ θ . The overturning layers with a potential temperature variation exceeding the 99th percentile confidence level were considered to be significant (Wilson et al., 2010) . This selection procedure rejected about 60% of the detected overturning layers. The percentage of the rejected overturns is comparable to those in the previous studies (e.g., 85% in Bellenger et al., 2017 ; one third to two thirds in Wilson et al., 2014) .
Using the empirical proportional relation between the Thorpe (L T ) and Ozmidov scales (L O ), the energy dissipation rates for radiosonde measurements, ε T , is calculated following equation (2). We used the bulk buoyancy frequency for N when calculating ε T because it gives a bulk gradient that is relatively insensitive to the boundaries for the overturning layer (Smyth et al., 2001) . The squared bulk buoyancy frequency N 2 b is defined as gθ rms /(θ s L T ), where θ rms is the root-mean-square of the difference between the measured and sorted values at a given height. The bulk buoyancy frequency is obtained by equating the Thorpe scales with Ellison scale (θ rms =θ z , where θ z is a vertical gradient of background potential temperature; Smyth et al., 2001; Wilson et al., 2014) . Note that the bulk buoyancy frequency is significantly different from N S when the sorted potential temperature profiles depart from the linear relation. The proportional coefficient c was set to unity in the present study, which was used in comparisons between radar-based and radiosonde-based estimates in the previous studies (Kantha & Hocking, 2011; Li et al., 2016) .
Results
Case Study: 7 June 2016
Figure 3a shows vertical profiles of ε R (red curve) and ε T (bar chart) at 12:00 UT on 7 June 2016. The vertical shear of the horizontal wind (|∂u/∂z|), the buoyancy frequency (N s ), and the gradient Richardson number from the radiosonde measurements smoothed with a low-pass filter having a cutoff length of 600 m are also shown in Figures 3b and 3c . The ε R for the height regions of 2.9-3.6 km and 7.0-7.5 km was not obtained due to the low radar echo power. The large buoyancy frequency change around 7 km corresponds to the tropopause level. The overall variation of the radiosonde estimates accords well with that of the radar-based estimates. For example, large values (10 −4 -10 −3 m 2 /s 3 ) below altitudes of 4 km and above altitudes of 7 km are observed in both estimates. Low value of Richardson number and strong vertical shear in the altitudes of 2.5-3.5 km correspond to a large ε. A closer look, however, shows that the difference amounted to 1 order of magnitude. Note that because the number of overturning layers is small in the stratosphere, a one-toone comparison between the two estimates at each level is difficult there. In addition, the radiosonde does not necessarily measure the same volume as the radar since the radiosonde drifts away from the radar. In this case, the horizontal distance between the radiosonde and radar at an altitude of 18 km is about 60 km.
Previous studies suggested that a one-to-one correspondence between the radar-based and radiosonde-based estimates is difficult due to the high degree of intermittency and the spatial variability of turbulence in the free atmosphere (Kantha & Hocking, 2011; Li et al., 2016) . Thus, many previous studies focused on the statistics of the two estimates although several studies described case studies of turbulent layers from concurrent observations by a radar and radiosondes (e.g., Wilson et al., 2014) . The present study also performed a statistical comparison between the radar-based and radiosonde-based estimates in the following section.
Comparison Between Radar-Based and Radiosonde-Based Estimates
Before comparing the radiosonde-based estimates with the radar-based ones, the difference in the vertical resolution between both estimates should be considered because ε T is obtained for each overturning layer with a finite depth (Figure 3a ). In the following analyses, statistics for the radiosonde-based estimates weighted with respect to the depth of the overturning layer are shown. Furthermore, we assumed that the horizontal distance between the radar and radiosondes had little impact on the statistics, although the radiosondes did not always measure the same volume as the radar.
A normalized histogram of ε R is shown in Figure 4a at the altitudes below 8 km, which corresponds approximately to the annual mean tropopause height at Syowa Station. The distribution of ε R is approximately lognormal, and its median value is 2.4 × 10 −4 m 2 /s 3 . Most ε R values are on the order of 10 −5 -10 −3 m 2 /s 3 . Figure 4c shows ε in the altitude range of 8-19 km, above which the availability of the radar-based estimates is less than 10%. The distribution shows a slightly left heavy-tail feature, which was also reported in the northern high latitudes (Li et al., 2016) . Compared to the altitudes below 8 km, ε R had a slightly larger median value of 3.0 × 10 −4 m 2 /s 3 .
For the radiosonde estimates (Figures 4b and 4d ), the median value is 3.6 × 10 −4 m 2 /s 3 below 8 km and 4.4 × 10 −4 m 2 /s 3 in 8-19 km. The median values of ε T for both altitude ranges are larger than those of ε R . The range of ε T is approximately 5 × 10 −5 to 10 −2 m 2 /s 3 . The cutoff of the left tail of the ε T distribution is likely due to the limited vertical resolution of the radiosonde measurements (Wilson et al., 2011) . The asymmetric distribution of ε T implies that the mode of the distributions may provide the reasonable estimate of ε rather than the median. The modes are 2.8 × 10 −4 m 2 /s 3 below 8 km and 4.4 × 10 −4 m 2 /s 3 in 8-19 km. Nevertheless, the median ε is used in the present study for comparison with the ε estimates in the previous studies (e.g., Kantha & Hocking, 2011; Li et al., 2016) .
Since the radiosonde-based estimates were applicable to the nighttime data only, the statistics for ε T in Figure 4 are based on measurements in February through October. For comparison between the two estimates in the same period, we made a normalized histogram of the ε R in February through October. It is shown that the median value is slightly larger (2.5 × 10 −4 m 2 /s 3 below 8 km and 3.2 × 10 −4 m 2 /s 3 in 8-19 km) and the distribution shape is similar (not shown).
Height Dependence in ε
As seen in Figure 4 , ε tends to be large above 8 km compared to altitudes of 1.5-8 km. In order to assess the height dependence of ε in more detail, the radar-based and radiosonde-based ε as a function of height are shown in Figure 5a . The median ε R (red) falls between 9 × 10 −5 and 2 × 10 −4 m 2 /s 3 at all altitudes. This median range is comparable to that in the northern high latitudes (Li et al., 2016) , while it is 1 order of magnitude less than the estimates from the radar in the northern middle latitudes (Nastrom & Eaton, 1997) . The local Figure 3b indicate the values of 0 and 0.25.
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The median range of ε T (blue) is from 3.1 × 10 −4 to 1.5 × 10 −3 m 2 /s 3 . The maxima are found at the lowest altitudes, around 10 km, and the highest altitudes. The overall height variations of the median ε T and ε R exhibit clear similarities, although ε T is always larger than ε R by a factor of 2-5. Note that the difference between the two estimates over all altitudes is within the uncertainty range of the proportional coefficient that relates the Ozmidov scale to the Thorpe scale (Clayson & Kantha, 2008) .
It is interesting that the ratio of ε R to ε T (i.e., the difference between the red and blue curves in Figure 5a ) is large in altitudes of 1.5-9 km compared to over 11 km. Although the coefficient c in equation (1) is set to 1 so far, the optimal (average) value of c is examined in the rest of the present section. Figure 5b shows the square root of the ratio between the median values of ε R and L 2 T N 3 as a function of height. Figure 5b indicates the value c at a specific altitude that one must multiply L 2 T N 3 in order to have ε R = ε T according to equation (2) under the assumption that the radar-based estimates provide the reference dissipation rates. The minimum (~0.4) is found at the lowest observed altitude, and the proportional coefficient increases to 0.8 at an altitude of 19 km.
The altitudinal dependence of the coefficient has not been pointed out in previous studies using radiosondes and radars, which is likely due to the small number of radiosonde measurements available for comparison (nine at most). For example, Kantha and Hocking (2011) determined the optimal value for L O /L T as unity by comparing the vertically integrated histograms of the radiosonde-based and radar-based estimates. The DNS 
Journal of Geophysical Research: Atmospheres results and a recent observational study showed that L O /L T depends on the event type of the turbulence and its evolution (e.g., Schneider et al., 2015; Scotti, 2015) . This point will be discussed in more detail later.
Seasonal Variation in ε
Next, the seasonality of ε was examined. Note that the seasonal variation mentioned below is based on 1-year measurements in October 2015 through September 2016, and thus, it may not express the climatological features of ε in the Antarctic. An estimate based on multiyear measurements will be shown in future studies. Figure 6a shows the logarithm of the median ε R as a function of month and height. Stars indicate the mean dynamical tropopause where PV = −2 × 10 −6 K·m 2 ·kg −1 ·s −1 . Note that the height range for the ε R is shown only where the availability of the estimates was greater than 10%. As observed in Figure 5 , the overall ε R in the stratosphere is larger than in the troposphere. It is also shown that, above an altitude of 11 km, the ε R increases in March through April and has a broad maximum in August through November. In January through April, the vertical profiles show a local maximum slightly above the tropopause (9-10 km). The seasonal variation in the troposphere is unclear, although weak broad minima are observed in November through January. At the lowest altitudes, the local maxima are found throughout the analysis period.
For comparison, the squared buoyancy frequency and vertical shear of the horizontal wind from the radiosonde data are shown in Figures 7a and 7b . Both quantities were calculated from the profiles smoothed with a low-pass filter having a cutoff length of 500 m. Typical values of the squared buoyancy frequency are 1.4 and 4 × 10 −4 s −2 in the troposphere and stratosphere, respectively. For the austral winter and spring, an increase in the buoyancy frequency with height is observed in the lower stratosphere. The buoyancy 
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Journal of Geophysical Research: Atmospheres frequency has a local maximum just above the tropopause in the austral summer through fall, which corresponds to the TIL (e.g., Randel et al., 2007) , whereas a sustained inversion above the tropopause was not observed clearly in June through October. The local maximum 1-2 km above the ground in the austral winter and spring is likely associated with radiative cooling at the ground. These features are consistent with the climatology at Syowa Station obtained by Tomikawa et al. (2009) , who examined comprehensively the seasonal variation in the buoyancy frequency and ozone around the tropopause level at Syowa Station.
The vertical shear of the horizontal wind has three peaks in the analyzed altitude range: the lowest altitudes, around 1 km above the tropopause, and the highest altitudes. The two maxima in the stratosphere are particularly clear in the austral fall through spring. The vertical shear in the middle and upper troposphere is small compared to that around the ground and above the tropopause. The frequency of gradient Richardson number less than 1.0 is also shown in Figure 7c . The strong vertical shear indicates a lowering Richardson number at the same altitudes. The height and temporal variation of the strong vertical shear and low Richardson number shows good accordance with the large ε R . The seasonal evolution of the vertical shear above 11 km, which shows large values in the austral late winter and early winter, bears some similarity to that of ε R .
In addition to the background vertical shear, buoyancy frequency, and gradient Richardson number, the gravity wave activity was examined to explore the cause of the seasonal variation of ε in the lower stratosphere. Figures 7c and 7d show the variations of the potential energy (PE) and kinetic energy (KE) of gravity waves per unit mass, respectively. The gravity-wave components of the temperature and horizontal wind were extracted following Yoshiki et al. (2004) : Four-day running mean profiles are regarded as the background field. The gravity-wave components were defined as the deviations from the background field whose vertical wavelengths were between 1 and 8 km. In the height region of 11-15 km, weak but broad maxima of the gravity wave PE and KE are observed. The seasonal variation of gravity wave PE and KE in 11-15 km largely accords with that of ε R at the same altitudes. Figure 6b shows the radiosonde-based estimates, which only included measurements in February through October. In 11-15 km, the seasonal variation of ε T shows a broad range of maxima in August through October, and lower values in February and March, which is consistent with the features of ε R . This indicates that radiosonde-based estimates capture the seasonal variation in the radar-based ε in the lower stratosphere (Figure 6a ).
The radiosonde-based estimates are also available above 15 km. In this altitude range, the ε T is large in late winter and early spring. In spring, warming occurs earlier at higher altitudes and the region of high buoyancy frequency propagates downward. The gravity wave energy shows clear seasonal variation having a maximum in spring during the downward propagation of high buoyancy frequency (Figure 7a ), which was reported in Yoshiki and Sato (2000) and Yoshiki et al. (2004) . The seasonal evolution of ε T in 18-25 km bears a resemblance to that of the gravity wave PE and KE at the same altitudes.
Discussion
Profiles Relative to the Tropopause Height
Previous studies showed a drastic change in the turbulent parameters across the tropopause. Nastrom and Eaton (1997) used the distance from the tropopause as the vertical coordinate and found an abrupt transition of ε in the northern midlatitudes during all seasons. Following them, vertical profiles of the median ε R in December through February (DJF, black) and June through August (JJA, red) are shown as a function of the distance from the dynamical tropopause height (Figure 8a ). Both profiles show large ε R in the stratosphere and small ε R in the troposphere, and the values in the stratosphere were larger by a factor of 2.5 at most. At a height of 1.6-3.5 km below the tropopause, ε R for DJF and JJA have similar values. Figures 8b and 8c show the turbulent velocity variance (v ′2 ) from the radar spectral width and buoyancy frequency in the same vertical coordinate. The velocity variance in DJF had its maximum about 1 km above the tropopause and decreased with height in the stratosphere. In JJA, a slight increase in the velocity variance with height is found over the whole range. The buoyancy frequency in DJF is higher than in JJA except for around the tropopause. The maximum buoyancy frequency associated with the TIL was pronounced in DJF, whereas it disappeared in JJA (Figure 7a ).
The seasonal variation of the ε R is quite small 1.6-3.5 km below the tropopause. Considering the linear dependence of ε R on v ′2 N (equation (3)), this is because the buoyancy frequency has an opposite-sign seasonal variation compared to that of the velocity variance. Nastrom and Eaton (1997) first pointed out the opposite-sign seasonal variations of the velocity variance and buoyancy frequency for the northern midlatitudes, and thereby the resulting small seasonal variation of ε. Nastrom and Eaton (2005) pointed out a similar relation between the buoyancy frequency and velocity variance in the northern low latitudes.
The seasonal variation of ε R is pronounced at a height of 3-4 km above the tropopause (i.e., stratosphere), which is in good accordance with that of the velocity variance contrast between DJF and JJA. It is also shown that the velocity variance has the opposite sign for the seasonal variation compared to that of the buoyancy frequency. Eaton (1997, 2005) showed the prominent maxima of ε just above the tropopause in winter and spring for the northern latitudes. In contrast to Eaton (1997, 2005) , the maxima of the ε R and velocity variance are observed in DJF (i.e., austral summer) at Syowa Station. Considering seasonal variation of the gravity wave activity (Figures 7c-7d ), the latitudinal difference in the turbulent parameters is likely attributable to gravity wave activity in the Antarctic stratosphere (Figures 7c and 7d) .
Comparison With Previous Studies Based on Oceanic Microstructure Profilers and DNS
The comparison between the radar-based and radiosonde-based estimates showed that the ratio of the two estimates varied with height ( Figure 5 ). This fact means that the proportional coefficient relating the Thorpe scale and Ozmidov scale, c = L T /L O , is not constant in the vertical direction. It should be noted that both estimations are based on the stratified fluid (equations (2) and (3)). Thus, the estimates within the atmospheric boundary layer (up to 3 km at most) should be interpreted with caution. Nevertheless, the decrease of the difference in ε with height is observed in the free atmosphere.
Recent direct comparison of L T and L O for oceanic turbulence implies that for flows dominated by deep overturning associated with oceanic tides and steep topography, the Thorpe analysis results in a large positive bias in ε (Mater et al., 2015) , which is consistent with theoretical and DNS results by Scotti (2015) . In order to examine the relation between depth of overturning and the proportional coefficient, the vertical profile of L T and depth of overturning layers, D, are shown in Figure 9 . The local maxima of the median L T and D are found at the lowest and at an altitude of 8 km. In the altitude range from 8 km to 19 km, the median L T and D decrease with height. Both the height variations are well negatively correlated with that of the difference between radar and radiosonde estimates. This suggests that the height variation of the difference between the two estimates may be attributable to overestimation of Thorpe's method associated with deep overturning events. 
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Summary and Concluding Remarks
Using 1-year observations from the PANSY radar and radiosondes at Syowa Station in the Antarctic, we examined the seasonal variation of turbulent parameters, particularly the TKEDRs (ε). This study gives the first estimates of the turbulent parameters in the Antarctic free atmosphere. A large number of observations provide an opportunity to explore the seasonal and altitudinal variation of ε. The present study used unity as the ratio of the Thorpe scale to Ozmidov scale. The results are summarized as follows:
1. The radar-based ε has a lognormal distribution and a range from 10 −5 to 10 −2 m 2 /s 3 for altitudes of 1.5-19 km. The median values were 2.4 × 10 −4 m 2 /s 3 at 1.5-8 km and 3.0 × 10 −4 m 2 /s 3 at 8-19 km. 2. The median values of the radiosonde-based ε are 3.6 × 10 −4 m 2 /s 3 in 1.5-8 km and 4.3 × 10 −4 m 2 /s 3 in 8-19 km. The lower bound of the radiosonde-based ε is 5 × 10 −5 m 2 /s 3 , which is noticeably larger than the radar-based estimates. 3. The radar-based and radiosonde-based ε show similar height dependence, although the radiosonde-based ε is 2-5 times larger: local maxima in the lowest altitudes, minima in the middle troposphere, and approximately constant in the lower stratosphere. 4. The ratio between the radiosonde-based and radar-based ε also has height dependence (Figure 5b) .
Specifically, the ratio is greater at altitudes below 8 km than above an altitude of 11 km. According to the direct comparison between Ozmidov scale and Thorpe scale in the previous study, the height variation of the ratio might represent the vertical variation of the depth of the overturning layers. 5. Seasonal variation in the radar-based ε shows a broad maximum in August through October and low values in November through January in the lower stratosphere. The variation on a seasonal time scale is unclear in the troposphere. 6. From an analysis using the distance from the local tropopause height, it was shown that the local maximum in ε around the tropopause is particularly clear in DJF (austral summer) while ε increases 
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Journal of Geophysical Research: Atmospheres monotonically across the tropopause in JJA (austral winter). This is likely connected to the seasonality in the gravity wave activity in the Antarctic.
The present statistical analysis based on about 370 radiosonde measurements taken simultaneously with radar observations suggests that the proportional coefficient relating the Thorpe scale and Ozmidov scale (see equation (1)) is not constant in the free atmosphere. This point was discussed in previous studies using oceanic microstructure observations and DNS, which showed that the coefficient is dependent on the depth of overturning layers and source of turbulence (Fritts et al., 2016; Mater et al., 2015; Scotti, 2015) . Thus, it seems to be difficult to determine an appropriate proportional coefficient, which may be a weak function of some nondimensional numbers. Nevertheless, the Thorpe analysis seems promising for deriving turbulent parameters since the radiosonde-based estimates showed a similar variation in the height and seasonal variation of the ε to the radar-based estimates. The examination of the proportional coefficient based on both DNS and observations is necessary for a comprehensive validation of the Thorpe analysis in the free atmosphere.
At Syowa Station, the PANSY radar continues taking observations and the twice-daily radiosonde measurements are available. Thus, more than 700 simultaneous observations from the radar and radiosondes are obtained every year, although about half of the radiosonde observations are performed in the daytime. The large number of data will provide the local time dependence, climatology, and interannual variability of turbulent parameters in the Antarctic and, at the same time, enable us to explore the dependence of the proportional coefficient on the background field statistically.
Last, the present study used nighttime radiosonde measurements only because the daytime raw temperature profiles contained large errors from noise, which are clearly observed in the altitudes higher than 10 km (Figure 1) . This point is also discussed in the recently published paper (Wilson et al., 2018) . The noise characteristics including the amplitude and frequency depend on their cause: for example, spikes due to the balloon wake depend on the package shape and the length of the suspension line as well as the response time of the sensor (Shimizu & Hasebe, 2010) . Thus, Thorpe analysis based on daytime radiosonde observations should be interpreted with caution. This study is supported by JSPS KAKENHI grant JP16K17801 and JST CREST grant JPMJCR1663. PANSY is a multi-institutional project with core members from The University of Tokyo, the National Institute of Polar Research, and the Kyoto University. The PANSY radar and radiosonde measurements at Syowa Station are operated by the Japanese Antarctic Research Expedition (JARE). The PANSY radar observational data are available at the project website, http:// pansy.eps.s.u-tokyo.ac.jp. Radiosonde observation data at Syowa Station are provided by the JMA. The time of sunset and sunrise at Syowa Station are provided by the National Astronomy Observatory of Japan's website (http:// eco.mtk.nao.ac.jp/cgi-bin/koyomi/ koyomix_en.cgi). All graphics were drawn by software developed by the Dennou-Ruby Davis project. We appreciate Takashi Ijichi's valuable comments on the Thorpe analysis and oceanic turbulence in the early stage of the present study. We also thank Takuji Sugidachi at Meisei Electric Corporation for instructive comments on the radiosondes that the present study used. Finally, we acknowledge L. Kantha, R. Wilson, and one anonymous reviewer for greatly helping us to improve this manuscript.
